[1] A unified tropospheric chemistry-aerosol model within the Goddard Institute for Space Studies general circulation model II 0 is applied to simulate an equilibrium CO 2 -forced climate in the year 2100 to examine the effects of climate change on global distributions of tropospheric ozone and sulfate, nitrate, ammonium, black carbon, primary organic carbon, secondary organic carbon, sea salt, and mineral dust aerosols. The year 2100 CO 2 concentration as well as the anthropogenic emissions of ozone precursors and aerosols/aerosol precursors are based on the Intergovernmental Panel on Climate Change Special Report on Emissions Scenarios (SRES) A2. Year 2100 global O 3 and aerosol burdens predicted with changes in both climate and emissions are generally 5-20% lower than those simulated with changes in emissions alone; as exceptions, the nitrate burden is 38% lower, and the secondary organic aerosol burden is 17% higher. Although the CO 2 -driven climate change alone is predicted to reduce the global O 3 burden as a result of faster removal of O 3 in a warmer climate, it is predicted to increase surface layer O 3 concentrations over or near populated and biomass burning areas because of slower transport, enhanced biogenic hydrocarbon emissions, decomposition of peroxyacetyl nitrate at higher temperatures, and the increase of O 3 production by increased water vapor at high NO x levels. The warmer climate influences aerosol burdens by increasing aerosol wet deposition, altering climate-sensitive emissions, and shifting aerosol thermodynamic equilibrium. Climate change affects the estimates of the year 2100 direct radiative forcing as a result of the climate-induced changes in burdens and different climatological conditions; with full gas-aerosol coupling and accounting for ozone and aerosols from both natural and anthropogenic sources, year 2100 global mean top of the atmosphere direct radiative forcings by O 3 , sulfate, nitrate, black carbon, and organic carbon are predicted to be +0.93, À0.72, À1.0, +1.26, and À0.56 W m À2 , respectively, using present-day climate and year 2100 emissions, while they are predicted to be +0.76, À0.72, À0.74, +0.97, and À0.58 W m À2 , respectively, with year 2100 climate and emissions. 
Introduction
[2] Tropospheric O 3 and aerosols have made important contributions to radiative forcing since preindustrial times [Intergovernmental Panel on Climate Change (IPCC), 2001] and are predicted to do so in the future. Their abundances are controlled by a combination of direct and precursor emissions, chemical reactions in the atmosphere, and meteorological processes, all of which can be significantly affected by climate change with resulting feedbacks. Tropospheric O 3 and aerosols have relatively short atmospheric lifetimes (days to weeks) and hence inhomogeneous atmospheric distributions, complicating the link between radiative forcing and climate response [Hansen et al., 1997] .
[3] Climate change influences tropospheric ozone and aerosols through effects on emissions, transport, and atmospheric chemistry. Biogenic emissions of NO x and hydrocarbons [Atherton et al., 1995; Yienger and Levy, 1995; Guenther et al., 1995; Constable et al., 1999] are sensitive to temperature. Increasing deep convection enhances the lightning NO x source [Toumi et al., 1996; Sinha and Toumi, 1997] . Changes in surface winds have impacts on emissions of dimethylsulfide (DMS) [Bopp et al., 2004] , sea salt, and mineral dust. The potential impacts of climate change on transport of ozone and aerosols have been demonstrated by general circulation model (GCM) studies. Rind et al. [2001] predicted that increased convection in a doubled-CO 2 atmosphere leads to improved ventilation of the lowest layers of the atmosphere, reducing boundary layer concentrations of tracers. Holzer and Boer [2001] reported that if a warmer climate leads to weaker winds, higher tracer concentrations will exist in the vicinity of sources. Changes in boundary layer conditions and hydrological cycle influence overall dry and wet deposition. Furthermore, chemical reaction rates are influenced by changes in atmospheric water vapor and temperature.
[4] The effects of climate change on tropospheric ozone have been simulated in several global studies. On the basis of the doubled CO 2 climate predicted by the NCAR CCM and projected year 2050 ozone precursor emissions from the IS92a scenario, Brasseur et al. [1998] predicted a 7% increase in the global mean OH abundance and a 5% decrease in O 3 in the tropical upper troposphere relative to current climate. In offline chemistry simulations, Johnson et al. [1999] predicted that a doubled CO 2 climate with precursor emissions kept at present-day levels would reduce the tropospheric ozone burden by about 10%. Coupled chemistry-GCM simulations by Johnson et al. [2001] predicted that with projected precursor emissions over 1990 -2100, the global burden of O 3 calculated with simulated 2100 climate would be lower than that predicted with present-day climate. These studies concluded that higher temperature and water vapor content in a warmer climate would lead to the reduction in global O 3 .
[5] No study has systematically addressed the effect of climate change on future global aerosol concentrations. Previous global projections of future aerosol levels have generally simulated concentrations on the basis of presentday climate and accounted only for projected changes in emissions [Adams et al., 2001; Koch, 2001; Iversen and Seland, 2002; Liao and Seinfeld, 2005] ; also, present-day gas-phase oxidant concentrations were used for future aerosol simulations [Adams et al., 2001; Koch, 2001; Iversen and Seland, 2002] .
[6] We examine here the changes in global concentrations of ozone, sulfate, nitrate, ammonium, black carbon, primary organic carbon, secondary organic carbon, sea salt, and mineral dust aerosols over the period 2000 -2100 using a unified tropospheric chemistry-aerosol model within the Goddard Institute for Space Studies (GISS) GCM II 0 . We first predict equilibrium climate change resulting from projected changes in CO 2 over 2000 -2100, then examine the effect of CO 2 -induced climate change on abundances of ozone and aerosols at present-day anthropogenic emissions levels, and finally estimate the O 3 and aerosol levels in 2100 corresponding to the combined effects of both climate change and changes in emissions. The ozone and aerosol simulations account for the coupling between aerosols and gas-phase chemistry. Heterogeneous reactions on aerosols affect the concentrations of HO x , NO x , and O 3 . In addition, aerosols affect gas-phase photolysis rates, and climate change influences natural emissions of NO x , hydrocarbons, DMS, sea salt, and mineral dust. Full simulation of gasphase chemistry and aerosols provides consistent chemical species for both present-day and future scenarios.
[7] Liao and Seinfeld [2005] estimated year 2100 radiative forcing by tropospheric ozone and aerosols based on present-day climate. With coupled climate, chemistry, and aerosols, we also examine here the effect of climate change on estimates of future radiative forcing. The model description and experimental design are given in section 2. Section 3 presents the simulated climate change over 2000 -2100. The impact of climate change alone on the predictions of O 3 and aerosols is then examined in section 4. Section 5 presents the changes in ozone and aerosol concentrations over 2000 -2100 simulated with both predicted climate change and projected emissions. In section 6, we examine the effect of climate change on estimates of year 2100 direct radiative forcing by O 3 and aerosols.
Model Description and Experimental Design

Unified Model
[8] The simulations in this work are performed using the unified model reported by Liao et al. [2003 Liao et al. [ , 2004 and Liao and Seinfeld [2005] , which is a fully coupled chemistryaerosol-climate GCM with tropospheric O 3 -NO x -hydrocarbon chemistry and sulfate/nitrate/ammonium/sea-salt/water, black carbon, primary organic carbon, secondary organic carbon, and mineral dust aerosols within the Goddard Institute for Space Studies (GISS) GCM II 0 [Rind and Lerner, 1996; Rind et al., 1999] . The GCM has a resolution of 4°l atitude by 5°longitude, with 9 vertical layers in a scoordinate system extending from the surface to 10 mbar. 063, 0.063 -0.13, 0.13-0.25, 0.25-0.5, 0.5 -1, 1 -2, 2 -4, 4-8, 8-16, 16-32, 32 -64 mm dry radius), mineral dust in 6 size bins (0.0316 -0.1, 0.1 -0.316, 0.316 -1.0, 1.0 -3.16, 3.16-10, and 10-31.6 mm dry radius), black carbon (BC), primary organic aerosol (POA), as well as 5 classes of reactive hydrocarbons and 28 organic oxidation products involved in secondary organic aerosol (SOA) formation. The partitioning of ammonia and nitrate between gas and aerosol phases is determined by the on-line thermodynamic equilibrium model ISORROPIA [Nenes et al., 1998] , and the formation of secondary organic aerosol is based on equilibrium partitioning and experimentally determined yield parameters [Griffin et al., 1999a [Griffin et al., , 1999b Chung and Seinfeld, 2002] . Two-way coupling between aerosols and gas-phase chemistry provides consistent chemical fields for aerosol dynamics and aerosol mass for heterogeneous processes and calculations of gasphase photolysis rates. Heterogeneous reactions considered in the model include those of N 2 O 5 , NO 3 , NO 2 , and HO 2 on wet aerosols, uptake of SO 2 by sea salt, and uptake of SO 2 , HNO 3 and O 3 by mineral dust; the uptake coefficients are taken to depend on atmospheric temperature and relative humidity, as described by Liao and Seinfeld [2005] .
[9] Dry and wet deposition schemes for tracers are described by Liao et al. [2003 Liao et al. [ , 2004 . For the purpose of this study, we have updated the dry deposition velocities used for carbonaceous aerosols. In the studies of Liao et al. [2003 Liao et al. [ , 2004 and Liao and Seinfeld [2005] , a fixed deposition velocity of 0.1 cm s À1 was used for black carbon, primary organic carbon, and secondary organic carbon aerosols following the studies of Liousse et al. [1996] , Kanakidou et al. [2000] , and Chung and Seinfeld [2002] . To account for possible effects of climate change on dry deposition, dry deposition velocities of carbonaceous aerosols are determined using the resistance-in-series scheme of Wesely [1989] , which has been used for dry deposition of other aerosol species [Liao et al., 2003] .
Climate Simulations
[10] We perform two simulations of equilibrium climate using the unified model, one for year 2000 with a CO 2 concentration of 368 ppmv and the other for year 2100 with a CO 2 concentration of 836 ppmv, based on IPCC Special Report on Emissions Scenarios (SRES) A2 [IPCC, 2001] . Of the IPCC scenarios characterized by different socioeconomic assumptions, the SRES A2 has the highest growth of emissions. The settings of these two simulations, except for the CO 2 concentration, are identical, each with a q-flux ocean [Hansen et al., 1984; Russell et al., 1984] . In the qflux ocean, ocean heat transport is held constant but sea surface temperatures and ocean ice respond to changes in climate. The monthly mean ocean heat transport fluxes are from the work of Mickley et al. [2004] , which used the same version of the GCM as here to generate observed, presentday sea surface temperatures. In these two climate simulations, present-day climatological aerosol and ozone concentrations are used in the GCM radiative calculations to isolate the climate change driven by the change in CO 2 concentration. Each climate simulation is integrated for 50 years to allow the climate to reach an equilibrium state, and the simulated climate over years 50-55 is used to drive the chemistry simulations described in section 2.3.
[11] Because future emissions scenarios are, of course, uncertain, we have chosen here to consider a future greenhouse climate as driven by CO 2 only and, as noted, have applied IPCC SRES A2. Future climate will be influenced in addition by changes in CH 4 , N 2 O, and CFCs, but these species need not be included here, as CO 2 under SRES A2 provides ample climate change to examine the effects of climate-chemistry-aerosol coupling.
[12] Traditionally, climate simulations take one of two forms: (1) equilibrium climate, in which the long-term climate that would result from a fixed greenhouse gas concentration is computed; and (2) transient climate, in which climate is simulated from a starting point, say preindustrial, with specified annual emissions changes. Predicted changes from an equilibrium climate simulation generally exceed those from a transient climate simulation. For example, the ratio of transient climate response (the change in surface air temperature at the time of doubled CO 2 ) to the equilibrium response (the equilibrium change in surface air temperature from doubled CO 2 ) lies in the range of 0.47 -0.68 [IPCC, 1995; Kiehl et al., 2006] . Although non-CO 2 greenhouse gases are not included in the present year 2100 equilibrium climate simulation, the predicted climate responses are comparable to or slightly larger than those predicted from a transient climate simulation driven by the changes in all greenhouse gases over 2000 -2100. Hereafter for convenience we refer to the simulated CO 2 -driven equilibrium climate as year 2000 or 2100 climate, but we note that the CO 2 -driven equilibrium climate differs from a transient climate including all greenhouse gases and aerosols, as discussed above.
Chemistry Simulations
[13] Chemistry simulations are performed when the climate simulations reach equilibrium states. The simulated climates over years 50-55 drive the chemistry simulations, with the first year of each chemistry simulation considered spin up. Four chemistry simulations are designed to identify the effects of climate change on levels of tropospheric ozone and aerosols (Table 1) :
[14] 1. CL2000EM2000 is the control simulation with the year 2000 climate and present-day (approximately year 2000) anthropogenic emissions of ozone precursors and aerosols/ aerosol precursors (non-CO 2 anthropogenic emissions).
[15] 2. CL2100EM2000 is the simulation with year 2100 CO 2 -driven climate and present-day non-CO 2 anthropogenic emissions.
[16] 3. CL2000EM2100 is the simulation with year 2000 climate and year 2100 non-CO 2 anthropogenic emissions.
[17] 4. CL2100EM2100 uses year 2100 CO 2 -driven climate and year 2100 non-CO 2 anthropogenic emissions.
[18] Climate-sensitive natural emissions are calculated on the basis of predicted climate in all the simulations (section 2.4). By holding non-CO 2 anthropogenic emissions at present-day levels, the difference between CL2100EM2000 and CL2000EM2000 reflects the effects of CO 2 -driven climate change alone on concentrations of O 3 and aerosols. The difference between CL2100EM2100 and CL2000EM2000 represents the impacts of both climate and emission changes on O 3 and aerosol levels. CL2000EM2100 uses present-day climate and year 2100 anthropogenic emissions, in a manner used in a number of previous studies, to predict future O 3 and aerosols. We will compare the radiative forcings calculated in CL2000EM2100 and CL2100EM2100 to examine the effect of climate change on radiative forcing.
[19] Heterogeneous reactions have been shown to be potentially influential in coupling processes involving O 3 and aerosols [Liao and Seinfeld, 2005] . In the present study we perform each of the four chemistry simulations, CL2100EM2000, CL2000EM2000, CL2000EM2100, and CL2100EM2100, in the absence and presence of heterogeneous reactions of N 2 O 5 , NO 3 , NO 2 , and HO 2 on wet aerosols, uptake of SO 2 by sea salt, and the uptake of SO 2 , HNO 3 and O 3 by mineral dust. The simulations that include heterogeneous reactions will be designated as CL2100EM2000h, CL2000EM2000h, CL2000EM2100h, and CL2100EM2100h. Uptake coefficients for heterogeneous reactions are given by Liao and Seinfeld [2005] . The chemistry simulations performed are summarized in Table 1 .
[20] Unless otherwise noted, the annual, seasonal, or monthly chemical fields presented in this work are averaged over the last 5 years of each chemistry simulation, and the meteorological fields are averaged over years 51-55 of each climate simulation. The climatechemistry coupling is one-way; simulated O 3 and aerosols do not feed back into the GCM.
Emission Inventories
[21] Present-day and year 2100 non-CO 2 anthropogenic emissions used in the chemistry simulations are given in Table 2 . Year 2100 anthropogenic emissions are based on the IPCC SRES A2 emissions scenario. Biomass burning emissions listed in Table 2 are partly anthropogenic and partly natural. We assume in this study that the biomass burning emissions remain unchanged in 2000 and 2100 simulations; the effect of climate change on the occurrence and intensity of wildfires is not considered. The seasonal and geographical distributions of BC and POA emissions in year 2100 are obtained by scaling year 2000 monthly values, grid by grid, using projected changes in IPCC SRES A2 CO emissions.
[22] Climate-sensitive natural emissions include lightning NO x , NO x from soil, biogenic hydrocarbons, DMS, sea salt, and mineral dust. The meteorological variables that influence these emissions and the schemes used to predict them are listed in Table 3 . Emissions of biogenic hydrocarbons and mineral dust are calculated on the basis of fixed distributions of land-surface type and vegetation. We calculate the global monoterpene emissions as a function of vegetation type, monthly adjusted leaf area index, and model predicted temperature, using the base monoterpene emission flux and the formulation of Guenther et al. [1995] . The vegetation type and the calculation of leaf area index follow the treatment by Wang et al. [1998] . Predicted present-day total monoterpene emissions of 117 TgC yr À1 agree reasonably well with the 127 TgC yr À1 reported by Guenther et al. [1995] . For present-day emission inventories of other reactive volatile organic compounds (ORVOCs), we use the offline monthly fields from the Global Emissions Inventory Activity (GEIA), but year 2100 emissions of ORVOCs in a grid cell are scaled by the monthly mean ratio of year 2100 emissions to the year 2000 values predicted for monoterpenes. Representation of future isoprene emissions is similar to the approach used for future monoterpenes and follows the algorithm of Guenther et al. [1995] , which considers immediate light and temperature dependence but does not account for the suppression of isoprene emissions under elevated ambient CO 2 concentrations [Rosenstiel et al., 2003 ] and the acclimation of plants to higher temperatures [P'etron et al., 2001] . In all chemistry simulations, transport of ozone from the stratosphere is held fixed at 401 Tg O 3 yr À1 .
Predicted Climate Change
[23] In this section, we briefly summarize the changes in meteorological fields over the period 2000-2100 based on the two equilibrium CO 2 -driven climate simulations described above.
Predicted Changes in Temperature
[24] Predicted changes in surface and zonal mean atmospheric temperature over 2000 -2100 as a result of the increase in CO 2 mixing ratio from 368 ppmv to 836 ppmv are shown in Figures 1a and 1b. Annual average surface air temperature is predicted to increase by 4.8°C. Doubling CO 2 relative to the present-day yields a climate sensitivity of 0.8°C m 2 W
À1
, a value that lies within the range of sensitivity reported for current GCMs [Ramaswamy, 2001; Hansen et al., 1997] . Predicted zonal mean changes in atmospheric temperature exhibit the same pattern as those summarized by IPCC [2001] . Enhanced warming in the tropical mid to upper troposphere results from enhanced latent heating owing to more vigorous moist convection in a warmer climate [Hansen et al., 1984; Mitchell, 1989] and from increased longwave radiative heating when upper tropospheric cloudiness and water vapor increase with temperature [Dai et al., 2001] . The strong warming predicted in the high latitudes of the Northern Hemisphere is a result of sea-ice climate feedback.
Predicted Changes in Hydrological Cycle
[25] Figure 2a shows predicted year 2000 zonal annual mean specific humidity (g H 2 O/kg air) as a function of pressure. The predicted distribution of specific humidity is similar to that from the NCEP -NCAR reanalysis [Kalnay et al., 1996] . As air temperature rises over 2000 -2100, specific humidity is predicted to generally increase, with the largest increases of 3 -4.5 g H 2 O/kg air located in the lower troposphere (below 800 mb) over the low latitudes (Figure 2b ), because of the nonlinear temperature dependence of the Clausius -Clapeyron equation. The predicted pattern of changes in specific humidity is similar to that predicted in other GCM simulations [IPCC, 1995; Dai et al., 2001] .
[26] The predicted change in global mean precipitation is +0.32 mm day À1 over 2000 -2100 (Figure 2c ), a 10% increase from the global mean value predicted for year 2000. Precipitation increases over middle to high latitudes in both hemispheres, associated with the large warming at the surface and in the lower troposphere [Dai et al., 2001] . Reductions in precipitation are predicted over tropics and subtropics, which are associated with the predicted weakening of the Hadley circulation, as discussed below. Zonal mean precipitation increases (Figure 2d ) at all latitudes except around 20°S, which agrees qualitatively with the changes from the 1990s to the 2090s simulated by Dai et al. [2001] using the NCAR GCM. Increases in precipitation are predicted over North Africa, changes that are consistent with the predictions of other GCMs [IPCC, 2001, chap. 9.3.2,] ; these will influence mineral dust emissions, as discussed subsequently. 
Predicted Changes in Winds
[27] Enhanced warming at the high latitudes in both hemispheres and changes in the vertical temperature profiles (Figures 1a and 1b) lead to changes in atmospheric circulation. Figures 3a and 3b show the predicted zonal and seasonal mean distributions of the present-day vertical velocity and the changes in vertical velocity from year 2000 to year 2100, respectively. The most obvious effect shown in Figure 3 is the weakening of the Hadley cells in both hemispheres. The ascending branches of the Hadley cells are predicted to be at 25°S-12°N in DJF, and at 13°S-28°N in JJA (Figure 3a) . The upward velocities are predicted to be reduced where ascending branches are located (Figure 3b) , except that the main equatorial convection zone (about 0 -5°S in DJF and 2 -8°N in JJA) is predicted to be stronger and penetrate higher in year 2100 than in year 2000, a result that again agrees qualitatively with that of Dai et al. [2001] . As a result, the precipitation associated with the main equatorial convection zone is enhanced, while that associated with the rest of the ascending branches of the Hadley cells is reduced (Figures 2c and 2d) . The changes in the stream function relative to year 2000 (Figure 3c ) also indicate the weakening of the Hadley and Ferrell cells. The predicted weakening in Hadley cells depends on the changes in latitudinal temperature gradient between the tropics and subtropics [Rind and Rossow, 1984] . In previous studies that have examined climate change with doubled CO 2 , the Hadley Cells are predicted in some studies to be weakened [Rind et al., 1990; Dai et al., 2001; Rind et al., 2001; Holzer and Boer, 2001] and in others to be enhanced [Rind et al., 1998 ]. Hansen et al. [2005] also predicted that the changes in greenhouse gases from the preindustrial time to present-day have led to a strengthening of the Hadley Cells. 
Effects of CO 2 -Driven Climate Change on Tropospheric Ozone and Aerosols
[29] To separate the effects of CO 2 -driven (pure) climate change from those of changing non-CO 2 anthropogenic emissions, we hold non-CO 2 anthropogenic emissions at present-day levels with the allowance that climate-sensitive emissions respond to the climate change. We examine the changes in levels of O 3 and aerosols (CL2100EM2000 -CL2000EM2000) resulting from pure climate change in the absence of heterogeneous reactions. The effects of pure climate change in the presence of heterogeneous reactions do not differ qualitatively from those in their absence, except those discussed at the end of this section. Predicted changes in global burdens of ozone and aerosols as a result of pure climate change are summarized in Table 4 .
Predicted Changes in Ozone
[30] Figure 5a shows the effect of CO 2 -driven climate c h a n g e o n s u r f a c e -l a y e r o z o n e m i x i n g r a t i o s (CL2100EM2000 -CL2000EM2000) for January and July. Ozone concentrations are generally lower in the warmer climate, except for those near heavily populated and biomass burning areas. July O 3 mixing ratios over the eastern United States, Europe, and South Africa, as well as those near the east coast of China are predicted to increase by up to 8 -12 ppbv. In January, ozone concentrations over biomass burning areas in Africa are predicted to increase by as much as 11 ppbv. The predicted regional increases of O 3 can be explained as follows. Global temperature increase leads to less vigorous atmospheric flow, resulting in nearsource enhancement of tracer mixing ratios [Boer, 1995; Carnell and Senior, 1998; Holzer and Boer, 2001] . Increases in ozone also result from increases in emissions of biogenic hydrocarbons as surface temperature increases. As shown in Table 3 , emissions of biogenic hydrocarbons are predicted to increase by 55% by year 2100. Sensitivity studies in the absence or presence of temperature depen- dence of biogenic emissions indicate that the increases in biogenic hydrocarbon emissions explain about 30-50% of the predicted increases in O 3 in the areas mentioned above. The climate-induced increases in biogenic hydrocarbons were also found to increase future daily maximum O 3 concentrations in summertime over the eastern United States [Hogrefe et al., 2004] . Some other processes might also contribute to those regional increases of O 3 . Peroxyacetyl nitrate (PAN) will be less stable at higher temperatures, so oxidized nitrogen is more likely to be present as NO x near source regions [Stevenson et al., 2005] . Murazaki and Hess [2006] found that the higher levels of water vapor have different effects on O 3 , depending on the background NO x level; with increased water vapor in a warmer climate, O 3 destruction is enhanced at low NO x levels, while O 3 production is enhanced if NO x concentrations are high.
[31] The zonal mean percentage changes in O 3 concentrations are shown in Figure 5b for January and July. Zonal mean O 3 concentrations are reduced throughout the troposphere as a result of CO 2 -induced warming, with the largest percentage reductions of 20 -30% predicted near the surface over the North Pole, over the tropics and subtropics in the lower troposphere, and within ±30°near the tropopause, correlating with the predicted largest increases in temperature or water vapor. Increased water vapor has an overall effect of leading to more ozone loss through ozone photolysis followed by O 1 (D) reaction with H 2 O, which, together with the increase in temperature, leads to a reduction in net chemical production of O 3 [Johnson et al., 2001] . Global O 3 budgets from CL2100EM2000 and CL2000EM2000 (Table 5) give a net chemical O 3 production of 412 Tg yr À1 under present-day climate conditions, and 331 Tg yr À1 in the year 2100 atmosphere. Pure CO 2 -induced climate change is predicted to reduce the global ozone burden by 12%, from 349 Tg in presentday to 307 Tg with year 2100 climate.
Predicted Changes in Carbonaceous Aerosols
[32] Figure 6 shows the changes (CL2100EM2000 -CL2000EM2000) in BC, POA, and SOA concentrations resulting from the climate change alone at selected vertical levels. BC and POA aerosols are chemically inert tracers that respond to changes in meteorological fields. The pattern of the predicted changes in BC is similar to that of the changes in POA. POA concentrations in the tropics are predicted to increase. POA aerosols near the equator arise mainly from biomass burning sources located in South America and Africa, as well as biomass burning and fossil fuel emissions in South Asia. In a warmer climate, the weaker Hadley cell leads to weaker trade winds and consequently less POA being transported away from the source regions; this finding agrees with that reported by Holzer and Boer [2001] . The weaker Hadley cell leads to reduced precipitation ( Figure 2 ) and weaker upward transport in tropics (Figure 3 ), which also helps to increase POA concentrations.
[33] Surface POA concentrations are predicted to generally decrease from mid to high latitudes in both hemispheres, as a result of increased precipitation (Figure 2c ). The effects of climate change on POA concentrations over North America, Europe, and eastern China depend on the changes in precipitation and transport. While slower transport in the warmer climate increases POA concentrations near the source regions, larger annual mean precipitation in these populated areas leads to larger wet deposition of hydrophilic POA (50% of emitted POA is assumed to be hydrophilic [Liao et al., 2003] ). The net effect of these two competing factors leads to a complex response: increased POA concentrations over and near western Europe, and reduced concentrations over the United States and eastern China (Figure 6b ). The predicted 10% increase in global mean precipitation in year 2100 has a large impact on aerosol loadings. The predicted annual global budget of POA shows that climate change alone leads to a reduction in POA global burden of 9.3%, from 1.29 Tg in present-day to 1.17 Tg in year 2100, as a result of a 3.8% increase (from 50.2 Tg yr À1 in present-day to 52.1 Tg yr À1 in year 2100) in POA wet deposition. The global BC burden is predicted to be reduced by 13% (Table 4) for the same reason.
[34] Climate change influences SOA distributions in several ways. First, increased precipitation leads to in- Figure 5 . (a) Changes in January and July predicted surface-layer ozone concentrations (ppbv, CL2100EM2000-CL2000EM2000) resulting from CO 2 -driven equilibrium climate change over 2000 -2100. Global mean change is indicated at the top right corner of each panel. (b) Percentage changes ((CL2100EM2000-CL2000EM2000) Â 100/CL2000EM2000) in January and July zonal mean ozone concentrations.
creased wet deposition of SOA and its gas-phase precursors, as well as less POA available for the absorption of SOA. Also, higher temperatures shift the gas-particle partitioning of volatile oxidation products toward the gas-phase. Each of these effects leads to decreased SOA. On the other hand, there is a 58% predicted increase in emissions of monoterpenes and ORVOCs in year 2100 (Table 3 ). The net effect of these opposing influences is a modest increase in global , CL2100EM2000-CL2000EM2000) of (a) BC, (b) POA, and (c) SOA, at selected layers resulting from the CO 2 -driven climate change over 2000 -2100. Global mean change is indicated at the top right corner of each panel.
SOA from 2000 to 2100. With anthropogenic POA emissions held at present-day levels, the predicted SOA burden is 0.38 Tg in year 2100 atmosphere, an 8.6% increase relative to the 0.35 Tg predicted with the present-day climate (Table 4 ).
Predicted Changes in Sulfate and Nitrate Aerosols
[35] Dimethyl sulfide (DMS) emissions depend on ocean surface wind speed and temperature. In year 2100 climate, while higher temperature increases DMS emissions, the slower wind speed over the oceans (Figure 3b ) reduces air-sea exchange. The temperature effect dominates, leading to an overall increase in DMS emissions by about 11% from 2000 to 2100 (Table 3 ). Note that this estimate is based on an assumption of constant marine DMS concentrations. Bopp et al. [2004] predicted a 3% increase in DMS emissions on the basis of the GCM predicted sea-surface DMS concentrations and a doubled CO 2 climate.
[36] Both the oxidation of DMS and sulfate formation from the gas-phase reaction of SO 2 + OH are determined by tropospheric OH concentrations. We show in Figure 7a the predicted zonal mean changes in OH concentration in the warmer climate (CL2100EM2000 -CL2000EM2000). In both January and July, OH concentrations increase mainly above 650 mb altitude in the tropics of the summer hemisphere, corresponding to the region with the largest increases in water vapor. Over the tropics and in the summer hemisphere, OH concentrations in the lower troposphere are predicted to decrease, as a result of lower O 3 and increased ) resulting from CO 2 -driven climate change (CL2100EM2000 -CL2000EM2000). (b) Zonal mean changes in OH concentrations (10 5 radicals cm À3 ) resulting from the changes in both climate and emissions (CL2100EM2100 -CL2000EM2000). Left panels are for January, and right panels are for July.
OH loss from the CH 4 +OH reaction at higher temperature [Johnson et al., 1999] .
[37] The annual mean changes in surface layer sulfate mixing ratios (CL2100EM2000 -CL2000EM2000) by CO 2 -induced warming are presented in Figure 8 . The predicted changes in surface-layer sulfate mixing ratios are similar to those of POA, with sulfate mixing ratios reduced at the middle to high latitudes in both hemispheres but increased over the tropics. The surface-layer sulfate mixing ratios over Europe, the eastern United States, and eastern China are predicted to increase by up to 400 pptv. Besides the near-source effects mentioned in connection with POA, the locally higher O 3 , OH, and H 2 O 2 concentrations in the warmer climate contribute to larger sulfate formation in these areas. Although the zonal mean surfacelayer OH concentrations decrease, the predicted OH concentrations near sources increase corresponding to the locally increased O 3 ( Figure 5 ). H 2 O 2 formation increases in a warmer climate, because the rate coefficient of the reaction HO 2 + HO 2 !H 2 O 2 increases with temperature. The global burden of H 2 O 2 is predicted to increase by 25% as a result of climate change alone (Table 4) .
[38] The global annual sulfate budget is given in Table 6 . Climate change alone slightly reduces sulfate formation via the gas-phase OH reaction while increasing in-cloud formation by about 5%. Sulfate lifetime is reduced from 4.7 days to 4.0 days as a result of the increased wet deposition. The global burdens of SO 2 and sulfate are predicted to be reduced by 16% and 14%, respectively, in the warmer climate (Table 4) .
[39] Changes in temperature influence aerosol equilibrium significantly. Figure 9 shows the ratios of the predicted zonal mean nitrate concentrations from the simulation CL2100EM2000 to those from CL2000EM2000. In the warmer climate, more HNO 3 remains in the gas-phase, leading to significant percentage reductions in nitrate concentrations throughout the troposphere except in the tropical lower troposphere. The reasons for the increases over the tropics are the same as those for the increases of POA in that region. The global burden of nitrate is predicted to be reduced by 47.2% as a result of CO 2 warming over 2000-2100, if emissions of nitrate precursors remain at 2000 levels.
Predicted Changes in Sea Salt and Mineral Dust
[40] As shown in Table 3 , sea salt emissions are predicted to be reduced by 6% as a result of the reductions in zonal mean surface wind speed at 30 -60°S, 5°S-40°N, and around 60°N (Figure 4b ). These reductions in emissions, together with the increases in precipitation, lead to a predicted overall 19% reduction in global sea salt burden from the present-day to year 2100 (Table 4) .
[41] Mineral dust emissions depend on both wind speed and soil moisture. With the predicted reductions in surface wind speed over the Sahara Desert and central Asia (Figure 4a ), two major sources of mineral dust, and the increases in precipitation over North Africa, a 14% reduction in dust emissions from year 2000 to year 2100 is predicted (Table 3) . Since the increased precipitation also leads to larger wet deposition of dust, the predicted global burden of dust is reduced from 18.2 Tg in present-day to 15.2 Tg in year 2100 (Table 4) . Because land type and vegetation are likely to change as climate changes, more accurate simulation of future mineral dust requires prognostic simulation of land surface use.
[42] The changes in emissions of sea salt and mineral dust predicted in this work diverge from those in Chapter 5.5.2 of the IPCC 2001 report. The IPCC estimates were based on the ratios of monthly average wind speeds for the years 2090-2100 to those for the years 1990 -2000 associated with the IS92a scenario simulated by Dai et al. [2001] . Figure 8 . Predicted changes in annual mean sulfate concentration (pptv, CL2100EM2000-CL2000EM2000) at the surface layer resulting from CO 2 -driven climate change from 2000 to 2100. Global mean change is indicated at the top right corner of the panel. Although the changes in temperature, precipitation, and meridional circulations predicted here agree qualitatively with those of Dai et al. [2001] , our equilibrium climate simulation with IPCC SRES A2 CO 2 only is different from the transient climate simulation with IS92a sulfate, CO 2 , and non-CO 2 greenhouse gases by Dai et al. [2001] . As discussed by Dai et al. [2001] , the predicted regional climate changes may also be model dependent.
Effects of Climate Change in the Presence of Heterogeneous Reactions
[43] The heterogeneous reactions considered are those of N 2 O 5 , NO 3 , NO 2 , and HO 2 on wet aerosols, the uptake of SO 2 by sea salt, as well as the uptake of SO 2 , HNO 3 and O 3 by mineral dust; the heterogeneous reactions influence mainly the concentrations of O 3 , sulfate, and nitrate [Liao and Seinfeld, 2005] . The effects of climate change on the predictions of O 3 , sulfate, and nitrate in the presence of the heterogeneous reactions are represented by the differences in concentrations between the simulations CL2100EM2000h and CL2000EM2000h. The annual mean differences between the effects of climate change with heterogeneous reactions and those witho u t [ ( C L 2 1 0 0 E M 2 0 0 0 h -C L 2 0 0 0 E M 2 0 0 0 h ) -(CL2100EM2000 -CL2000EM2000)] are shown in Figure 10 for the surface layer.
[44] The effects of climate change on surface O 3 concentrations in the presence of heterogeneous reactions are qualitatively the same as those shown in Figure 5 in their absence. However, since the uptake coefficient for the hydrolysis of N 2 O 5 depends on temperature and relative humidity [Evans and Jacob, 2005; Liao and Seinfeld, 2005] , at higher atmospheric temperature, hydrolysis of N 2 O 5 is reduced [Hallquist et al., 2003] , leading to more NO x and hence larger increases in O 3 concentrations near sources and less O 3 reduction in other areas, as indicated by the positive values shown in Figure 10a . On an annual mean basis, the climate-induced changes in surface O 3 concentrations predicted in the presence of heterogeneous reactions differ from those predicted in their absence by 1 -4 ppbv in the Northern Hemisphere where aerosol concentrations are high. Figure 9 . Ratios of the predicted annual and zonal mean nitrate concentrations from CL2100EM2000 to those from CL2000EM2000. Figure 10 . Annual mean differences between the effects of CO 2 -driven climate change in the presence and absence of heterogeneous reactions [(CL2100EM2000h -CL2000EM2000h) -(CL2100EM2000 -CL2000EM2000)] for the surface-layer concentrations of (a) O 3 , (b) sulfate, and (c) nitrate. The global mean value is indicated at the top right corner of each panel.
[45] In the absence of sea salt and mineral dust uptake of SO 2 , the surface-layer sulfate concentrations are predicted to be reduced at middle to high latitudes in both hemispheres (Figure 8) . Because of the predicted reductions in sea salt and mineral dust burdens in year 2100, less SO 2 is taken up by sea salt and dust. As a result, the largest differences in the effects of pure climate change on sulfate are predicted over oceans and near dust sources (Figure 10b) .
[46] Predicted climate-induced reductions in surface-layer nitrate concentrations in the presence of heterogeneous reactions are less over the oceans and near the dust sources, again because of the reduced uptake of HNO 3 by sea salt and mineral dust in year 2100 (Figure 10c ). Over Europe, eastern Asia, and the eastern United States, climate-induced reductions of nitrate concentrations in the presence of heterogeneous reactions exceed those in their absence, as a result of the less hydrolysis of N 2 O 5 at higher temperature and hence less HNO 3 available for nitrate formation in year 2100.
[47] It should be noted that the results shown in Figure 10 are based on the changes in climate alone. Heterogeneous reactions assume greater importance when year 2100 anthropogenic emissions are used in the chemistry simulations. With the large increases in aerosol concentrations and NO x emissions in year 2100, hydrolysis of N 2 O 5 becomes more influential in predicting O 3 and nitrate formation [Liao and Seinfeld, 2005] .
Predicted O 3 and Aerosol Concentrations With Year 2100 Projected Emissions and Climate
[48] Predicted year 2100 surface-layer O 3 mixing ratios, the changes relative to the year 2000 concentrations, and the differences between the surface-layer O 3 mixing ratios simulated with the changes in both climate and emissions and those obtained with changes in emissions only are shown in Figure 11 . Compared to the present-day O 3 levels, year 2100 surface-layer O 3 concentrations are predicted to generally increase by 30 -70 ppbv over populated and biomass burning areas (Figure 11b) . Such large increases in O 3 concentrations over the emission source regions result mainly from the increases in anthropogenic emissions of O 3 precursors over 2000-2100, but climate change also contributes to the increases. As shown in Figure 11c , accounting for the changes in emissions and climate, the surfacelayer O 3 concentrations over or near emission source areas increase by up to 17 ppbv, relative to the case in which only emission changes are considered. Climate change alone has the overall effect of reducing global O 3 burden; the year 2100 global O 3 burden of 521 Tg (or 450 Tg) predicted in CL2100EM2100 (or CL2100EM2100h) is about 13.4% (or 11.6%) lower than that predicted in CL2000EM2100 (or CL2000EM2100h) ( Table 4) . The difference in predicted O 3 burden between CL2100EM2100h and CL2100EM2100 reflects the importance of heterogeneous reactions.
[49] With changes in emissions and climate considered, burdens of all anthropogenic aerosol species increase from 2000 to 2100 except for sulfate (Table 4) . Relative to year 2000, the predicted sulfate burden is lower in year 2100, as a result of the projected lower emissions and larger wet deposition (Table 6 ). While sulfate is the most significant anthropogenic aerosol component in 2000, POA is predicted to have the largest global burden in 2100, followed by sulfate, nitrate, and BC. Although the warmer climate does not favor the formation of nitrate aerosol, the nitrate burden is predicted to increase from 0.53 Tg (or 0.51 Tg) in 2000 to 1.49 Tg (or 1.27 Tg) in 2100 in the absence (or presence) of heterogeneous reactions, as a result of the significant increases in NO x and NH 3 emissions. [50] Figure 12a shows the year 2100 dry aerosol mass, the sum of sulfate, nitrate, ammonium, BC, POA, and SOA, at the surface layer from the simulations CL2100EM2100 and CL2100EM2100h. Dry aerosol mass concentrations exceeding 15 mg m À3 are predicted over Europe, the eastern United States, eastern China, and the biomass burning regions. As a result of the large increases in POA and nitrate, the dry mass concentrations over the eastern United States, Europe, and eastern Asia are predicted to increase by 0 -10, 20-40, and 40-90 mg m
À3
, respectively, relative to the present-day values (Figure 12b ). The dry aerosol mass concentrations predicted in CL2100EM2100 (or CL2100EM2100h) differ from those predicted in CL2000EM2100 (or CL2000EM2100h) by À10 mg m À3 to +4 mg m À3 regionally (Figure 12c ).
[51] The global budgets for year 2100 O 3 and sulfate in the absence of heterogeneous reactions are given in Tables 5  and 6 , respectively. When changes in emissions and climate are accounted for, the lifetime of O 3 changes from 27 days in present-day to 17 days in year 2100, while that of sulfate changes from 4.7 to 3.8 days. In year 2100, the shorter lifetime of O 3 is caused mainly by the increased removal of O 3 by the reaction of O 1 (D) with H 2 O [Johnson et al., 1999 [Johnson et al., , 2001 , while the shorter lifetime of sulfate results from increased wet removal.
Impact of Climate Change on Estimates of Year 2100 Direct Radiative Forcing
[52] To examine the effect of climate change on future forcing estimates, we compare the instantaneous radiative forcings calculated using CL2000EM2100 concentrations and climate with those calculated with CL2100EM2100 conditions. Radiative forcings by O 3 , sulfate, nitrate, BC, OC (POA+SOA), as well as by the internal and external mixtures of these aerosols are calculated. In the external mixture, particles from different sources remain separated, while in the internal mixture, the various chemical components are mixed uniformly in each particle. The top of the atmosphere (TOA) forcing by a species is calculated as the difference in the net fluxes at TOA in its presence and absence, so the forcing values reported here represent the effect of both natural and anthropogenic ozone/aerosols on global radiative balance. The assumptions for water uptake by aerosols, aerosol size distributions, and refractive indices follow those described by Liao et al. [2004] .
[53] The global and annual mean TOA O 3 and aerosol forcings from simulations CL2000EM2100, C L 2 1 0 0 E M 2 1 0 0 , C L 2 0 0 0 E M 2 1 0 0 h , a n d CL2100EM2100h are summarized in Table 7 . Compared with the TOA O 3 forcing calculated in simulation CL2000EM2100, the 13% lower global O 3 burden and the different climate in simulation CL2100EM2100 lead to 20% reduction in global mean O 3 radiative forcing (Tables 5 and 7 ). In the warmer climate, the reduced burden and the melting of snow and ice lead to 0.2-0.4 W m À2 reductions in shortwave O 3 forcing at the North Pole, and the reduced O 3 burden also leads to about the same magnitude reductions in O 3 longwave forcing over tropics and subtropics.
[54] Although the global BC burden predicted in CL2100EM2100 is just 11% lower than that predicted in CL2000EM2100, the global mean BC forcing is reduced by 23% in year 2100 climate (CL2100EM2100), because BC ) between surface-layer dry aerosol mass concentrations simulated with changes in both climate and emissions and those with changes in emissions only. Top panels are simulated in the absence of the heterogeneous reactions as discussed in the text, while the bottom panels include heterogeneous reactions. The global mean value is indicated at the top right corner of each panel.
forcing at high northern latitudes is reduced significantly as a result of the reduction in both BC column burden and surface albedo in the warmer climate. The global burden of OC predicted in CL2100EM2100 is 6% lower than that predicted in CL2000EM2100, but the global mean TOA forcing by OC changes slightly from À0.56 W m À2 in present-day climate to À0.58 W m À2 in the warmer climate. The TOA OC forcings over the polar regions change from warming in simulation CL2000EM2100 to cooling in simulation CL2100EM2100, because of the weak absorbing feature of OC and the reduced surface albedo in the warmer climate.
[55] Relative to simulation CL2000EM2100, the global mean sulfate cooling is 4% less with a 9% reduction in global burden in CL2100EM2100, and the global mean nitrate cooling is 28% less with a 39% reduction in global burden when climate change is considered (Tables 4 and 7) . The percentage change in the global mean TOA forcing by a scattering aerosol is less than the percentage change in its global burden, because of the changes in surface albedo and clouds over polar regions and the predicted increases in concentrations in the tropics. Relative to simulation CL2000EM2100, sulfate TOA cooling in CL2100EM2100 increases at high northern latitudes, although sulfate column burdens there are predicted to be reduced. This forcing behavior at high latitudes is a result of reduced ice and snow cover, as well as fewer low clouds and more high clouds in the warmer climate. As shown by Liao and Seinfeld [1998] , TOA sulfate cooling under clear sky conditions increases when surface albedo decreases, and thin stratus or cirrus clouds above sulfate aerosol enhance sulfate cooling.
[56] Global mean TOA forcing by the internal mixture of sulfate, nitrate, BC, and OC changes from À0.26 W m À2 in CL2000EM2100 to À0.48 W m À2 in CL2100EM2100, while the global mean forcing by the external mixture in year 2100 climate differs from that in year 2000 climate by the modest amount of 0.02 W m À2 (Table 7) . Because an internal mixture has lower single-scattering albedo and hence stronger absorption of both incoming and outgoing solar radiation than an external mixture, the radiative forcing by an internal mixture is more sensitive to the changes in surface albedo. At the high northern latitudes, TOA forcing by either the internal or the external mixture is always positive, but the heating estimated in CL2100EM2100 is 2 -4 W m À2 (or 1 -2 W m
À2
) less than that calculated in CL2000EM2100 for the internal (or external) mixture as a result of the reduction in surface albedo. Over populated areas, estimated TOA cooling by either the internal or the external mixture is 1 -3 W m À2 less in year 2100 climate than in year 2000 atmosphere because of the reduction in aerosol column burdens.
[57] The effects of climate change on forcing estimates in the presence of heterogeneous reactions are similar to those predicted in their absence (Table 7) ; the CO 2 -driven climate change is influential in estimating year 2100 TOA forcing of absorbing species and nitrate.
Summary and Discussion
[58] We have examined the impact of an equilibrium climate in year 2100 driven by the projected change in CO 2 concentration from IPCC SRES A2 on predictions of global ozone and aerosols by online GCM simulation of coupled tropospheric ozone-NO x -hydrocarbon chemistry and sulfate, nitrate, ammonium, black carbon, primary organic carbon, secondary organic carbon, sea salt, and mineral dust aerosols.
[59] Using the GISS GCM II 0 with a q-flux ocean, we predict an increase of 4.8°C in global mean surface air temperature in year 2100, as a result of the projected increase in CO 2 from 368 ppmv in year 2000 to 836 ppmv in year 2100. Year 2100 global mean precipitation is predicted to be 10% higher than that for year 2000; predicted changes in temperature and precipitation agree qualitatively with those of previous studies. The model predicts a weakening of the Hadley cells in the warmer 2100.
[60] We have performed four chemistry simulations, d e n o t e d C L 2 0 0 0 E M 2 0 0 0 , C L 2 1 0 0 E M 2 0 0 0 , CL2000EM2100, and CL2100EM2100, to assess the roles of CO 2 -driven climate change and IPCC projected changes in emissions in influencing levels of tropospheric O 3 and aerosols. The differences between simulations CL2100EM2000 and CL2000EM2000 indicate that, with no changes in anthropogenic emissions, the CO 2 -driven climate would change global O 3 , sulfate, nitrate, BC, POA and SOA burdens by À12%, À14%, À47%, À13%, À9% and +9%, respectively. Although the global O 3 burden is predicted to be reduced as a result of faster removal of O 3 in the warmer climate, surface-layer O 3 concentrations over populated and biomass burning areas are predicted to increase as a result of climate change, owing to slower transport [Holzer and Boer, 2001] , enhanced biogenic hydrocarbon emissions, decomposition of PAN at higher temperature, and the increase of O 3 production by increased water vapor at high NO x levels. Climate change influences aerosol burdens mainly by altering wet deposition, climate-sensitive emissions, and aerosol thermodynamic equilibrium.
[61] Accounting for both the CO 2 -driven climate change and changes in emissions in simulation CL2100EM2100, the year 2100 global burdens of O 3 , sulfate, nitrate, BC, POA and SOA are predicted to change by +49%, À16%, +181%, +109%,+111% and +54%, respectively, as compared with simulation CL2000EM2000. On the basis of the IPCC SRES A2 scenario, the changes in anthropogenic emissions play a more dominant role in determining future levels of tropospheric ozone and aerosols than does climate change. Sea salt and mineral dust burdens are predicted to be reduced by 19% and 16%, respectively, in the year 2100.
[62] We also examine the effects of CO 2 -driven climate change on estimates of year 2100 direct radiative forcing by O 3 and aerosols. By comparing simulations CL2000EM2100 and CL2100EM2100, the effect of climate change alone on radiative forcings can be discerned; accounting for ozone and aerosols from both natural and anthropogenic sources, the predicted global mean TOA direct radiative forcings of O 3 , sulfate, nitrate, BC, OC, internal mixture (internally mixed sulfate, nitrate, BC, and OC), and external mixture (externally mixed same aerosols) change from +1.06, À0.97, À1.09, +1.26, À0.56, À0.26, À1.22 W m À2 in CL2000EM2100 to +0.85, À0.93, À0.78, +0.97, À0.58, À0.48, À1.20 W m À2 in CL2100EM2100, respectively. The CO 2 -induced changes in global burdens, surface albedo, and clouds have a large influence on radiative forcing of absorbing species and nitrate aerosol.
[63] The climate induced percentage changes in global O 3 and aerosol burdens as well as the absolute changes in year 2100 direct radiative forcings summarized above for the simulations in the absence of heterogeneous reactions agree closely with those obtained in their presence. When the reactions of N 2 O 5 , NO 3 , NO 2 , and HO 2 on wet aerosols, the uptake of SO 2 by sea salt, and the uptake of SO 2 , HNO 3 and O 3 by mineral dust are considered, although hydrolysis of N 2 O 5 is less in the warmer climate and the uptake by sea salt and mineral dust is reduced as a result of lower burdens of sea salt and mineral dust in year 2100, heterogeneous reactions are still influential in simulating year 2100 concentrations of O 3 , sulfate, and nitrate; accounting for the changes in both climate and emissions, the year 2100 burdens of O 3 , sulfate, and nitrate predicted in the presence of heterogeneous reactions are 14%, 26%, 15%, respectively, lower than those predicted in their absence.
[64] The results of this study suggest several avenues for improvement and future research. First, biogenic emissions of O 3 and SOA precursors as well as the mineral dust emissions are based on fixed vegetation and land types, which can be improved with a prognostic treatment of vegetation and land type. As shown by Sanderson et al. [2003] and Lathière et al. [2005] , climate-vegetation coupling is important for predicting future biogenic hydrocarbon emissions. Second, O 3 transport from the stratosphere is fixed in all the simulations reported here; this process is climate-sensitive [Sudo et al., 2003; Collins et al., 2003; Zeng and Pyle, 2003] and can be improved with a GCM having a better representation of the stratosphere. Finally, and most importantly, the radiative effects of predicted ozone and aerosols in future years should be fed back into the GCM to assess complete chemistry-aerosol-climate coupling.
